Geodynamic models predict that rifting of thick, ancient continental lithosphere should not occur unless it is weakened by heating and magmatic intrusion. Therefore, the processes occurring along sections of the western branch of the East African Rift, where ∼150 km thick, Palaeoproterozoic lithosphere is rifting with no surface expression of magmatism, are a significant challenge to understand. In an attempt to understand the apparently amagmatic extension we probed the regional uppermost mantle for signatures of thermal alteration using compressional (Vp) and shear (Vs) wave speeds derived from Pn and Sn tomography. Pervasive thermal alteration of the uppermost mantle and possibly the presence of melt can be inferred beneath the Rungwe volcanic centre, but no signatures on a similar scale were discerned beneath amagmatic portions of the western rift branch encompassing the southern half of the Lake Tanganyika rift and much of the Rukwa rift. In this region, Vp and Vs wave speeds indicate little, if any, heating of the uppermost mantle and no studies have reported dyking. Vp/Vs ratios are consistent with typical, melt-free, olivine-dominated upper mantle. Although our resolution limit precludes us from imaging potential localised magmatic intrusions with dimensions of tens of kilometres, the absence of surface volcanism, the amagmatic upper crustal rupture known to have occurred at disparate locations on the western branch, the presence of lower crustal seismicity and the low temperatures implied by the fast seismic wave speeds in the lower crust and uppermost mantle in this region suggests possible amagmatic extension. Most dynamic models predict that this should not happen. Indeed even with magmatic intrusion, rifting of continental lithosphere >100 km thick is considered improbable under conditions found on Earth. Yield strength envelopes confirm that currently modelled stresses are insufficient to produce the observed deformation along these portions of the rift system. Stresses arising from the gravitational force related to the uplift of the East African Plateau provide only one-eighth of the minimum stress necessary to produce observed lower crustal earthquakes in the western branch. We expect that some of this disparity may be accounted for by considering smaller scale bending stresses and dynamic feedbacks between brittle and elastic deformation and between faulting, topography and weathering that are not currently included in models of the East African Rift.
the south, showcasing the entire spectrum of rift development, from the initial stages of continental breakup in eastern Africa to incipient seafloor spreading in Afar. In eastern Africa the rift system splits into eastern and western branches to circumvent the Archean Tanzania Craton (e.g. Chorowicz 2005 ).
However, fundamental dynamic and kinematic aspects of rifting in the EARS, and indeed generally, are far from understood. Dynamically, the passive initiation of extensional tectonics within the interior of a continent bounded predominantly by oceanic spreading centres is not easily reconciled. Gravity (Ebinger et al. 1989) , petrological (Aulbach et al. 2008) , seismic (Bastow et al. 2008; ) and geodynamic studies (Koptev et al. 2015) favour models of active rifting, whereby one or more mantle plumes are responsible for development of the EARS. In this scenario, a combination of tractions on the base of the lithosphere and lateral stress gradients induced by plume-generated topographic doming cause the rifting. In either case, the calculated tectonic force available to drive rifting is invariably insufficient to initiate rupture of the lithosphere (e.g. Buck 2004; Stamps et al. 2014) Kinematically, numerical models of rifting rely on hot mantle upwelling and decompressional melting to weaken lithospheric rock such that rupture can initiate (e.g. Buck 2004 ). However, many rift segments worldwide are apparently amagmatic. In the case of the EARS, the eastern branch is characterised by effusive magmatism and, using the proxy of reduced seismic wave speeds, pervasive thermal alteration of the lithosphere. The western rift by contrast, aside from several isolated volcanic clusters, is considered amagmatic and exhibits no seismic signature of pervasive thermal perturbation of the lithosphere (e.g. O'Donnell et al. 2013) . Along the Lake Tanganyika rift segment of the western branch in particular (Fig. 1a) there is no volcanism, no studies indicating dyking, and lithospheric seismic wave speeds are comparable to those inferred for the Tanzania Craton .
Given the tectonic force deficit, if segments of western branch lithosphere are thermally unperturbed and amagmatic, then we do not understand the process of continental rupture. The crust in this vicinity is ∼40 km thick and sufficiently strong to support brittle failure to lower crustal depths; the lithospheric mantle extends to ∼150 km depth and, prior to rifting, had been tectonically stable since the Palaeo to Mesoproterozoic so even zones of previous deformation within the mantle should have healed and strengthened since this time (Bercovici & Ricard 2012) . In the absence of weakening mechanisms such as heating and magmatic intrusion, rifting such strong lithosphere is at odds with our understanding of the available forces. Indeed even with magmatic intrusion, rifting of continental lithosphere >100 km thick is considered improbable under conditions found on Earth (Bialas et al. 2010) .
In this work, we probe the uppermost mantle beneath the EARS for signatures of thermal alteration using compressional (Vp) and shear (Vs) wave speeds derived from Pn and Sn tomography in an attempt to understand the extension occurring along the southern portion of the Lake Tanganyika rift segment of the western branch. We conclude that the wave speed proxies offer no indication of pervasive thermal alteration of the lithosphere which, coupled with additional evidence, suggests that this section of the western rift is likely undergoing amagmatic extension. In an attempt to reconcile this with the apparent force deficit, we investigate the effects of varying lithospheric rheological parameters on lithospheric yield stresses for the western rift.
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T E C T O N I C S E T T I N G
The African continent comprises several major Archean cratons and smaller cratonic fragments which have been docking and undocking since the late Proterozoic. The present assemblage was established during the Late Neo-Proterozoic to earliest Palaeozoic Pan-African Orogeny and remained largely cohesive until disrupted in the Cenozoic by the development of the EARS (Begg et al. 2009 ). In eastern Africa the EARS bifurcates around the Archean Tanzania Craton, with eastern and western branches preferentially developing in the Proterozoic mobile belts which separate the craton from adjacent cratonic units (Fig. 1a) . These include the Palaeoproterozoic Ubendian and Usagaran Belts on the southwestern and southeastern margins of the craton, the Mesoproterozoic Rwenzori and Kibaran Belts to the north and west and the Neoproterozoic Mozambique Belt to the east of the craton (e.g. Chorowicz 2005; Begg et al. 2009 ).
The lithospheric thickness of the mobile belts is comparable to, or at most a few tens of kilometres less than, that of the Tanzania Craton, whose thickness is generally inferred seismically to lie in the range ∼140-200 km (e.g. Ritsema et al. 1998; Weeraratne et al. 2003; Adams et al. 2012; O'Donnell et al. 2013) . Inferences of lithospheric thicknesses from xenolith data are commensurate with the seismic estimates (Chesley et al. 1999; Vauchez et al. 2005) . While punctuated reductions in lithospheric seismic wave speeds coincide with volcanic centres along both rift branches, lithospheric wave speeds along the amagmatic segments of the western rift are comparable to those of the Tanzania Craton (e.g. O'Donnell et al. 2013) and in excess of values in standard Earth models such as Preliminary Earth Reference Model (PREM; Dziewonski & Anderson 1981) . The deeper upper mantle is significantly less perturbed beneath the western branch than it is beneath the eastern branch (e.g. .
Terrane-averaged crustal thicknesses across the East African Plateau show little deviation; the average thickness for the Ubendian Belt is 42 km and 37-39 km for all other terranes (Tugume et al. 2012 Kachingwe et al. 2015) . Heat flow within the Tanzanian Craton is low, with a mean of 33 mW m −2 . This increases to 65-70 mW m −2 in the adjacent Proterozoic terranes at distances of 100-200 km from the craton margin, which is slightly above the global average (Nyblade et al. 1990; Nyblade 1997) . Heat flow measurements within or close to amagmatic sections of the western rift include a mean heat flow of 67 ± 42 mW m −2 in Lake Tanganyika (Nyblade et al. 1990 , and references therein) and an isolated measurement of 109 ± 65 mW m −2 in the Ubendian Belt (Nyblade 1997) . Aside from the Ubendian Belt measurement, and with the exception of the Baikal Rift, these heat flow values are low compared to other intracontinental rift zones (e.g. Ruppel 1995) .
The starkest difference between the rift branches is in terms of volcanism: whereas the eastern rift is characterised by effusive magmatism, the western rift, aside from several isolated volcanic clusters, is considered amagmatic. A contrast in seismicity is likely related to this. The eastern branch generates considerably fewer large earthquakes than the western branch, plausibly reflecting a degree of strain accommodation through magma intrusion (Calais et al. 2008) . In contrast to most intracontinental rifts where seismicity is confined to the upper crust (Jackson & White 1989) , lower crust earthquakes occur along both rift branches in eastern Africa (e.g. Nyblade & Langston 1995; Craig et al. 2011; Albaric et al. 2014) . On the eastern branch, Albaric et al. (2014) argue that lower crustal seismicity is rooted in mechanisms such as fluid release and subsequent overpressures induced by magmatism at the base of the crust. Lindenfeld et al. (2012) invoke similar arguments to explain lower crustal earthquake swarms in the Albertine rift in Uganda, a section of the western branch characterised by Quaternary-Recent volcanism. Without recourse to magmatism, Nyblade & Langston (1995) argue more broadly that if the lower crust were composed of mafic lithologies and if heat producing elements are concentrated in the upper crust brittle behaviour could be supported at sufficient depths to explain pervasive lower crustal earthquakes in eastern Africa. Craig et al. (2011) argue that an anhydrous, granulite facies lower crust could achieve the same result, provided the lower crust were protected from any metasomatising fluids.
D ATA
The data consist of Pn and Sn traveltimes obtained from regional earthquakes recorded in eastern Africa. Contributing networks and experiments were the Tanzania Broadband Seismic Experiment, the Kenya Broadband Seismic Experiment, the AfricaArray permanent seismic network (africaarray.org), three phases of the AfricaArray East African Seismic Experiment, the southeastern Tanzania Basin Experiment and the Global Seismic Network (Fig. 1b) . Details of the individual deployments are outlined in O' Donnell et al. (2013) .
Regional earthquakes with magnitudes greater than or equal to 3 listed in the International Seismological Centre bulletin and regional seismicity studies from Langston et al. (1998) and Mulibo (2012) were screened as candidates for analysis. These were supplemented by earthquakes hitherto unidentifed. Seismograms were bandpass filtered between 0.75 and 5 Hz using a standard Butterworth bandpass filter to emphasise the high-frequency body wave arrivals. In an initial step, seismograms exhibiting visibly low signal-to-noise ratios were disregarded. Earthquakes which generated at least five seismograms of sufficient quality that enabled confident picking of first arriving compressional energy (Pg or Pn) were relocated using the HYPOELLIPSE event location program (Lahr 1989) in conjunction with a regionally appropriate 1-D velocity model ( Fig. 2a ; Langston et al. 2002) . The quality of the inferred earthquake locations and origin times (and hence traveltimes) was assessed via (1) the statistical network quality metric which quantifies the uniformity of station azimuthal distribution about a given location (Bondár & McLaughlin 2009) and (2) the congruence between picked or observable (Pg, Pn, Sn) phase arrivals and corresponding predicted phase arrivals based on the inferred hypocentral information and 1-D velocity model (Fig. 2b) . The network quality metric ranges between 0 and 1: the lower limit corresponds to optimal uniform azimuthal coverage while the upper limit corresponds to all stations being at the same azimuth. A metric value <0.35 is a necessary (although not sufficient) global criterion for an inferred event location to be considered accurate to within 5 km of the true location at a 95 per cent confidence level (so-called GT5 95 per cent events; Bondár & McLaughlin 2009 ), with Boomer et al. (2010 subsequently demonstrating that the global criteria could be relaxed when focusing on specific tectonic domains. For our data set, the network quality metric ranges reasonably uniformly between ∼0.17 and ∼0.95 (a small number of earthquakes actually satisfy the GT5 95 per cent criteria). Earthquakes with metric values at the lower end of the spectrum exhibit a high degree of congruence between observable (Pg, Pn, Sg, Sn) and corresponding predicted phase arrivals (the difference is typically of the order of several seconds), giving us a high degree of confidence in the inferred hypocentral information. Toward the other end of the spectrum, a deterioration in the congruence between observable (Pg, Pn, Sg, Sn) and predicted phases becomes apparent as the metric value creeps above ∼0.7. In extreme cases the difference in arrivals can be several tens of seconds. Taking the accompanying high metric values into account, we interpreted arrival time differences of this order as reflecting poorly determined hypocentres and origin times rather than actual anomalous velocity structure. These are earthquakes which generated good quality seismograms but simply could not be reliably relocated due to the location-network geometry. In these cases we deferred to the catalogue listed hypocentre and origin times but again retained the earthquakes only if the observed and predicted phase arrivals agreed to within a soft bound of ∼10 s which increased with increasing epicentral distance. The Sn phase arrives in the P-wave coda and is invariably more difficult to pick than its compressional counterpart. To facilitate identification of the Sn phase, north and east component seismograms were rotated to radial and transverse component seismograms, respectively, and the Sn phase was sought on the radial component on which vertically polarised shear energy should be maximised. The location of the theoretical Sn phase arrival helped guide our picking of the actual phase arrival (Fig. 2b) .
For all earthquakes that passed the screening process and were selected for analysis, Pn and Sn traveltimes were extracted for input to the tomographic inversion for velocity structure. The final data sets comprised 3079 Pn and 2096 Sn traveltimes, extracted from 272 earthquakes recorded on 105 seismic stations (the earthquake locations and origin times are provided in the supplement). As expected, the spatial distribution of earthquakes and associated earthquake-station ray paths predominantly delineates the eastern and western branches of the EARS (Fig. 3 ). Fig. 4 shows the traveltime versus epicentral distance curves for the P and S phases. Pg traveltimes from within the Pg/Pn crossover distance (∼225 km for a 40 km crust) used for determining hypocentres and origin times are shown, but were removed from the parent data set prior to inversion for Pn velocity structure. Beyond the crossover distance there is no indication of any significant departure from linearity of either traveltime branch out to the maximum recorded epicentral distance of ∼2200 km, suggesting a small to negligible vertical velocity gradient within the regional uppermost mantle. The slopes of the branches beyond the crossover distance indicate regional average Pn and Sn velocities of ∼8.2 and ∼4.7 km s −1 , respectively, in accordance with values inferred by Langston et al. (2002) from a traveltime analysis of four large regional earthquakes from the 1994-1995 Tanzania Broadband Seismic Experiment.
P N A N D S N T O M O G R A P H Y
Refracted Pn and Sn ray paths comprise three segments: a downgoing earthquake to Moho path, a mantle transit path and an upgoing Moho to receiver path. If the crustal path segments can be accounted for (through the earthquake and station static delays), mantle structural information can be extracted from the traveltimes. We follow the approach of Hearn (1996) who formulated a tomographic method to invert refracted traveltime data for velocity structure and seismic anisotropy. In this framework, the surface of the mantle is parametrised as a 2-D grid onto which mantle velocity and anisotropy variations are mapped. In particular, the traveltime perturbation (relative to the simple linear traveltime curve) between station i and earthquake j and the aforementioned model parameters is approximately described by:
where a i is the static delay for station i, b j is the static delay for earthquake j, d ijk is the distance travelled by ray ij in mantle grid cell k, φ is the backazimuth angle and s k and A k and B k are the slowness (inverse velocity) perturbation and two anisotropic coefficients for cell k, respectively (Hearn 1996 , and references therein). For an isotropic upper mantle this reduces to: The station static delays for a constant velocity crust can be expressed as:
where z i is the crustal thickness at station i, v crust is the average crustal velocity and v mantle is the average mantle velocity. The formulation for earthquake static delays differs only in that earthquake depth is accounted for. The static terms serve to absorb variations in crustal velocity and thickness, preventing their inadvertent mapping into mantle slowness perturbations. Inversion non-linearity is accounted for by iteratively converging on the solution which minimises the data misfit in a least-squares sense, with stability implemented through damping the velocity and anisotropy models.
R E G U L A R I Z AT I O N, R E S O L U T I O N A N D U N C E RTA I N T Y
The linearity of the traveltime curves for eastern Africa (Fig. 4) indicates a small to negligible vertical velocity gradient within the regional uppermost mantle, justifying the mapping of traveltime perturbations onto a 2-D grid of uppermost mantle velocity structure. We employed a grid cell size of 0.25
• . Anisotropic tomography was attempted initially, but the ray path geometry did not permit us to credibly simultaneously resolve both velocity and anisotropy variations. In light of this, we limited our analysis to velocity perturbations in an isotropic model only. In any case, the absence of discernible sinusoidal trends in the traveltimes as a function of backazimuth for individual stations is evidence against a strong anisotropic contribution (Fig. 5) . For regularization, we determined that a velocity damping weight of ∼800 provided the best compromise between stability, structural resolution and data fitting (Fig. 6) . All velocity models subsequently displayed were derived using a velocity damping value of 800.
Resolution, a function of the density of crossing ray paths, was assessed by means of standard checkerboard velocity pattern recovery tests. After a number of iterations, we defined a minimum threshold grid cell path density of 20 in order that a particular model cell not be masked. Fig. 7 shows the recovered checkerboards for Pn and Sn inversions. For the Pn velocity checkerboard, both spatial and amplitude recovery is generally good. Due to the relative reduction in data, credible Sn recovery is geographically more confined and a degree of anomaly smearing is apparent. Sn resolution is considerably degraded at the Rungwe volcanic centre. However, resolution in western Tanzania in the vicinity of the southern portion of Lake Tanganyika is good for both Pn and Sn inversions, enabling us to confidently determine the uppermost mantle Vp and Vs characteristics of the amagmatic western branch segment. Fig. 7 also shows input and recovered Vp/Vs ratio checkerboards, obtained by taking the ratio of input and output Pn and Sn velocity variations. The input Vp/Vs ratios alternate between 1.73 and 1.78 which are typical uppermost mantle values (Anderson 2007 , and references therein). As Pn resolution is superior to Sn resolution, the geographical area of credible Vp/Vs recovery mirrors that of credible Sn recovery. Within this area recovered Vp/Vs amplitudes are generally within ∼ ±0.03 of the input values. Fig. 8 shows empirical estimates of uncertainty for the Pn and Sn inversions derived from 1000 inversions subject to bootstrap re-sampling of the traveltime data sets. Again reflecting the Overdamping (B and C) limits the inversion to using coarse scale structure to explain the data, whereas underdamping (A) allows unrealistic fine scale structure to explain the data. Models from the knee of the trade-off curve (star) represent the best compromise between structural resolution and data fitting. All velocity models subsequently displayed were determined using this damping (800).
density of crossing ray paths, inferred Pn velocity uncertainties are less than ∼ ±0.02 km s −1 in central Tanzania, increasing to less than ∼ ±0.05 km s −1 toward the model periphery. Inferred Sn uncertainties are similar both in geographic variation and magnitude, although as a percentage of actual velocities, they are almost twice as large as their Pn counterparts. While the spatial variation in uncertainties is as expected, the magnitudes should be regarded only as optimistic lower bounds on the actual uncertainties since the uncertainty maps were determined at a specific velocity damping weight chosen from a neighbourhood of plausible values at the knee of the trade-off curve of Fig. 6 . Furthermore, the maps do not account for the amplitude distortion that becomes apparent through the resolution tests.
R E S U LT S
The station static delays represent the combined effect of crustal thickness and crustal velocity variations. For crust with a constant P-wave velocity of 6.3 km s −1 , Hearn & Ni (1994) stipulate that a relative delay time of 1 s corresponds to ∼10.4 km variation in crustal thickness, and conversely, for crust with a constant thickness of 40 km, a relative delay of 1 s corresponds to a crustal P-wave velocity variation of ∼1.6 km s −1 . Fig. 9 shows the station static delays for the Pn and Sn inversions. Aside from several outliers, the vast majority of station static delays for the Pn inversion fall in the range ∼ ±0.6 s, with the majority of the larger positive delays broadly coincident with the rift branches. Various seismic analyses across eastern and southern African terranes (e.g. Julià et al. 2005; Tugume et al. 2012 Tugume et al. , 2013 Kachingwe et al. 2015) have inferred uniform average crustal shear velocities of ∼3.6-3.8 km s −1 . It follows that wave speed variations of the crystalline crust likely make only minor contributions to the static delays. This leaves two candidates to explain the dominant contribution: crustal thickness variations and sedimentary fill. Although the terrane-averaged crustal thicknesses across the East African Plateau show little deviation from ∼40 km, there is certainly sufficient variation in inferred thicknesses between individual seismic stations to explain the magnitudes of the static terms (Tugume et al. 2012 Kachingwe et al. 2015) . The preponderance of larger positive delays along the rift branches most likely reflects the sedimentary fill of the rift basins. The station static delays for the Sn inversion broadly follow the same pattern: the largest positive delays coincide with the rift branches. However, the magnitudes of the delays are larger, reflecting increased absorption of traveltime discrepancies caused by the decrease in precision in picking the Sn phase. Fig. 10 shows the results of the inversion for Pn and Sn velocity structure. The fastest Pn velocities correspond with the locations of the Tanzania Craton (∼8.2-8.45 km s −1 ) and Bangweulu Block in northeastern Zambia (∼8.3-8.35 km s −1 ), but also straddle the western rift at the southern end of Lake Tanganyika. A significant reduction from the regional average Pn velocity of 8.2 km s −1 coincides with the location of the Rungwe volcanic province at the northern end of Lake Malawi/Nyasa, where velocities are ∼8.0-8.1 km s −1 . Where the models overlap, these values are consistent with the Pn velocities tomographically inferred by Brazier et al. (2000) based on regional earthquake data from the 1994-1995 Tanzania Broadband Seismic Experiment. The overall pattern is similar for Sn, with the fastest velocities coincident with the Tanzania Craton (∼4.7-4.8 km s −1 ). Sn velocities in the vicinity of Lake Tanganyika are around the regional average of ∼4.67 km s −1 . The slowest velocities again coincide with the Rungwe volcanics (∼4.55-4.6 km s −1 ) but a zone of weaker velocity reduction is also apparent just beyond the southeastern corner of the craton boundary.
The Sn model morphology is congruent with the lithospheric mantle shear wave velocity model inferred from surface wave tomography by O'Donnell et al. (2013) . The only significant disparity in terms of velocity magnitudes occurs at the location of the Rungwe volcanics. Our resolution analysis indicates considerable Sn amplitude attenuation in the vicinity of the Rungwe volcanic province (Fig. 7) . The surface wave tomography derived shear wave model is not subject to the same amplitude drop-off at this location. We therefore defer to the lithospheric mantle shear wave velocity values of ∼4.2-4.4 km s −1 inferred for the Rungwe province by O'Donnell et al. (2013) .
D I S C U S S I O N
If temperature is the dominant control on lateral seismic wave speed variations (e.g. Goes et al. 2000) , the Pn and Sn models indicate pervasive thermal perturbation of the uppermost mantle beneath the Rungwe volcanic centre. Our area of credible resolution does not extend to the locations of other volcanic centres on the rift branches. By contrast, along the southern portion of the Lake Tanganyika rift segment, wave speeds are commensurate with those of the Tanzania Craton and in excess of values in standard Earth models such as PREM (Dziewonski & Anderson 1981) . Invoking the proposed correspondence between seismic and thermal anomalies, the fast wave speeds are incongruent with thermal softening of the lithosphere, instead pointing to extension in cold (and thick) lithosphere. Geodynamically, this is difficult to explain.
Vp/Vs ratios can be diagnostic of the presence of fluids and can also provide a strong indication of lithology. To gain further insight we calculated Vp/Vs ratios from the Pn and Sn models described above. Throughout most of the model region, the Vp/Vs ratio is between 1.74 and 1.78 (Fig. 10) . Such ratios are in good agreement with experimental Vp/Vs ratios of common upper-mantle rocks such as garnet lherzolite and dunite that are likely to be pervasive in eastern Africa (Anderson 2007 , and references therein). We regard uppermost mantle Vp/Vs ratios >1.85 as diagnostic of the presence of fluid. No area in our model meets this threshold (Fig. 10) but we do not consider this result robust at the Rungwe volcanic centre. Proximal to the Rungwe volcanics, Sn resolution is limited relative to Pn resolution (Fig. 7) , rendering the resulting Vp/Vs ratio of 1.72-1.77 questionable. However, if we use the more reliable shear velocity value at ∼70-80 km depth from O'Donnell et al. (2013) , we get a Vp/Vs ratio of >∼1.90, which would suggest the presence of melt in the uppermost mantle. Elsewhere in the model, the general Vp/Vs ratio range of ∼1.74-1.78 is robust and agrees with ratios determined using the Pn model and uppermost mantle shear velocity values from O' Donnell et al. (2013) . Taking the uncertainty envelope into account, the Vp/Vs ratio range points to a uniform, dry, melt-free, olivine-dominated uppermost mantle. This result is particularly important along the southern portion of the Lake Tanganyika rift segment where both Pn and Sn resolution is reliable and the Vp/Vs ratio proxy offers no indication of fluid within the uppermost mantle. Of course magmatic intrusion need not occur on the scale of that inferred beneath the Rungwe volcanic centre, in which case there will exist an order of magnitude disparity between our resolution length scale and magmatic segments with dimensions of tens of kilometres. However, magmatic dyking along the EARS has only been inferred coincident with locations of Quaternary-Recent volcanism (e.g. Baer et al. 2008; Wauthier et al. 2012) and no studies have reported dyking along the Lake Tanganyika rift segment. Furthermore, amagmatic rupture of the upper crust is known to have occurred at disparate locations on the western branch (Biggs et al. 2010; d'Oreye et al. 2011) . These findings, coupled with the seismically fast (and, by inference, cold) uppermost mantle, the seismically fast and seismogenic lower crust (Nyblade & Langston 1995; Julià et al. 2005) , the inferred dry lower crustal rheology (Craig et al. 2011 ) and the absence of subaerial volcanism suggests that this section of the western rift is potentially undergoing amagmatic extension.
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Thick, continental lithosphere is often considered to be too strong to rift amagmatically (e.g. Buck 2004 ). Indeed even with magmatic intrusion, rifting of continental lithosphere >100 km thick is considered improbable under conditions found on Earth (Bialas et al. 2010) . To further explore this seeming contradiction in the western branch, we calculated yield strength envelopes, which show the stress necessary to produce a given strain rate, for several different crust and mantle compositions. Within the field of ductile deformation, the relationship between stress (σ ) and strain rate (˙ ) is governed by the general equation:
where A is a pre-exponential factor, d is grain size, C OH is water (hydrogen) content, α is a constant, φ is melt content, E is activation enthalpy, T is temperature and R is the gas constant. A geotherm was calculated following the methodology of Selway et al. (2014) , by assuming an initial conductive geotherm and considering the thermal perturbation caused by a plume that has been present for ∼35 Myr. An initial lithospheric thickness of 180 km and a plume excess temperature of 140
• C result in a current thermal lithospheric thickness of 160 km, which is in good agreement with seismic observations (e.g. O'Donnell et al. 2013) . We calculated the geotherm using a surface heat flow of 65 mW m −2 appropriate to the amagmatic segments of the western branch, with heat producing elements concentrated in the upper crust.
Several representative compositions were used to calculate the rheology of the western branch lithosphere. For the mantle, an olivine composition was used with grain sizes 0.1 mm, 1 mm and 1 cm and both dry and wet (0.01 wt per cent water) compositions, with rheological parameters for both diffusion and dislocation creep regimes taken from Hirth & Kohlstedt (2004) . The lower crust was inferred to have a dry mafic granulite composition from observed fast seismic wave speeds and the presence of lower crustal earthquakes (Nyblade & Langston 1995; Julià et al. 2005; Craig et al. 2011) . For the upper crust, we considered both an extension of this mafic composition and also a wet granite composition. Rheological parameters for crustal materials were taken from the compilation in Burov (2011) and we used Byerlee's rule (Byerlee 1968) to make calculations for the brittle regime. Fig. 11 shows the yield strength envelopes calculated for each of the lithospheric compositions described above and a strain rate of 10 −16 s −1 (Stamps et al. 2014) . For a mafic granulite crust, the entire crust and upper mantle are in the brittle regime to a depth of at least 60 km. If the upper crust (20 km) is wet granite, this brittle region will be interrupted by a zone of ductile deformation from ∼10 to 20 km. Wet compositions and small grain sizes weaken the lithospheric mantle to a moderate degree but for all calculated compositions the upper 20-30 km of the lithospheric mantle would require stresses >1000 MPa to deform to the observed extent.
Detailed investigations by both Craig et al. (2011) and Stamps et al. (2014) have shown that the stresses causing deformation in the EARS arise primarily from lateral gradients in the gravitational potential associated with the uplift of the East African Plateau. However, the two groups calculate resultant stresses that differ by approximately an order of magnitude, due largely to differences in the assumed thickness of lithosphere over which the gravitational force is considered to act. We calculate the force acting on the western branch as
where ρ c is the crustal density (2800 kg m −3 ), ρ m is the mantle density (3300 kg m −3 ), t c is the crustal thickness (40 km), t m is the lithosphere thickness (160 km) and h is the topographic difference between the Congo Basin and the East African Plateau along the western branch, which we set to 700 m. This produces a force in the western branch of 3.48 × 10 12 Nm −1 . For a reasonable mantle composition, which is likely to be low in hydrogen and with a large grain size due to its longevity (Selway 2015) , little of the available stress is required to deform the lithosphere at depths greater than ∼100 km (Fig. 11a) , so the force was considered to act on a thickness of 100 km, leading to an available stress of 34.8 MPa. This value is intermediate between those of Stamps et al. (2014) (10-22 MPa) and Craig et al. (2011) (125 MPa) . Fig. 11(b) shows an enlarged view of the yield strength envelope from 0 to 100 MPa to highlight lithospheric behaviour where stresses are within reasonable bounds. At the calculated available stress of ∼35 MPa, much of the lithosphere is too strong to deform at a strain rate of 10 −16 s −1 . The mantle would only deform at depths greater than 72-100 km, depending on the water content and grain size. A dry, mafic lower crust and wet granite upper crust would deform in a brittle manner in the uppermost ∼2 km and in a ductile manner between ∼10 and 20 km depth; an entirely dry mafic crust would only deform in the uppermost 2 km. Stresses of several hundred megapascal would be required to produce brittle deformation in the lower crust. Clearly, the calculated stresses and rheologies are incapable of producing the observed deformation. This conclusion remains valid even if we were to increase the elevation of the East African Plateau to a pre-erosion level several multiples of its current elevation.
The results are informative in two important ways. First, they show that, regardless of the grain size and water content of the lithospheric mantle, the strength of the mantle is an important contributor to the strength of the lithosphere. Many authors consider that lithospheric strength resides primarily within the crust and, specifically, the seismogenic part of the crust (e.g. Jackson 2002 ). However, other authors (e.g. Watts & Burov 2003; Burov 2011) argue that the ductile mantle contributes significant strength to the lithosphere and should not be neglected. Our calculations strongly support the second case: the yield strength envelope shown in Fig. 11 does not suggest any reason why the lithospheric strength should be considered to be concentrated within the crust. This distinction is important in the calculation of the stress that is available to deform the lithosphere, which in most static models is calculated simply from σ = F/A, where F is the tectonic force (in this case the gravitational force related to the uplift of the East African Plateau) and A is the area over which that force acts. Craig et al. (2011) assume that the lithospheric strength resides entirely within the 40 km thick seismogenic crust, thereby calculating that a stress of 125 MPa is available. In contrast, our analysis and that of Stamps et al. (2014) suggest that the lithosphere is 'strong' to a depth of ∼100 km, leading to lower calculated stresses. Our calculations are representative for typical lithospheric mantle with a standard continental geotherm and show that in general, it is not valid to neglect the mantle when considering lithospheric strength.
Secondly, our results show that our current understanding of rheological laws and the Earth's stress field cannot explain the observed deformation in the amagmatic portions of the western branch. Most importantly, the calculated stresses cannot produce brittle deformation to the measured seismogenic depth of ∼40 km. This is true for any reasonable parametrization. Byerlee's rule in tension for a dry composition would require ∼750 MPa of stress to produce brittle failure at 40 km depth; for a composition with fluids at hydrostatic pressure (grey dashed line on Fig. 11b ) the required stress would be ∼280 MPa. Clearly these stresses greatly exceed not only our calculated stress of ∼35 MPa but also the ∼125 MPa stress calculated by Craig et al. (2011) . To explore this paradox, it is important to first distinguish between rifting and extension. Although the western branch is part of the broader EARS, western branch lithosphere is not itself currently rifting; it is merely extending. Extension rates in the western branch are modest at ∼2 mm yr −1 , significantly lower than, for example, those in the Main Ethiopian Rift (Stamps et al. 2014) where rifting is well developed. Therefore, it is not necessary for stresses to be able to produce failure of the entire lithospheric column in the western branch. It is possible that the western branch lithosphere may indeed be too strong to rift and that progression to failure of the continental lithosphere and formation of new oceanic lithosphere may never occur. The main challenge for dynamic models of the western branch is therefore not to account for possible eventual failure of the lithosphere but to account for the current presence of lower crustal earthquakes.
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All estimates of current stresses are insufficient to explain brittle deformation in the mid to lower crust. Therefore, there must exist a fundamental misunderstanding of some part of the stressstrain system. One likely contribution to this misunderstanding is that yield strength envelopes such as the one shown here consider only an instantaneous 2-D snapshot of lithosphere strength whereas in reality this is a 3-D dynamic and evolving property. Dynamic models of lithosphere deformation that consider feedbacks between brittle and elastic deformation show that perturbations in pressure and temperature that develop with time can significantly decrease yield stress (Regenauer-Lieb et al. 2008) . In addition, dynamic models that take topography into account show that the interplay between topography, erosion and sedimentation can also significantly influence extensional fault initiation and development (Burov & Poliakov 2001) and that bending stresses caused by local topography can significantly increase local stress (Burov 2011) . Our stress calculations follow those of Craig et al. (2011) and Stamps et al. (2014) in considering only the gravitational potential energy arising from large-scale topographic differences, but the local topography is likely to add to the stresses available for extension. If the forces causing rifting were rooted solely in large-scale topographic variations then deformation might be expected in the Proterozoic mobile belts which separate cratonic units across elevated southern Africa but this is not observed. Unfortunately, dynamic modelling that considers the interplay between viscous and brittle deformation, local topography, erosion and sedimentation and bending forces has not been carried out on the western branch so we are unable to quantify the difference in yield stress it might suggest. Such models would be extremely informative and would be likely to at least decrease the difference between the calculated available stress and necessary yield stress.
C O N C L U S I O N S
Geodynamic models often rely on heating and magma intrusion to weaken lithospheric rock such that rupture can initiate. For this reason, the behaviour of the apparently amagmatic portions of the western rift branch of the East African Rift has always been enigmatic. In an effort to understand the extension occurring along the southern portion of the Lake Tanganyika rift segment of the western branch we sought seismic signatures of uppermost mantle thermal alteration and magmatism using compressional and shear wave speeds derived from Pn and Sn tomography.
Pervasive thermal alteration and the possible presence of melt in the uppermost mantle can be inferred beneath the Rungwe volcanic centre, but no signatures on a similar scale were discerned in the uppermost mantle beneath the southern portion of the Lake Tanganyika rift segment. No studies have reported dyking in this region. Coupled with the absence of surface volcanism, the amagmatic rupture of the upper crust known to have occurred at disparate locations on the western branch (Biggs et al. 2010; d'Oreye et al. 2011) , the presence of lower crustal seismicity and the low temperatures implied by fast seismic wave speeds in the lower crust and uppermost mantle (e.g. Nyblade & Langston 1995; Julià et al. 2005) , this points to potential amagmatic extension throughout lithosphere ∼150 km thick. Most dynamic models predict that this should not happen (e.g. Buck 2004 ). Indeed even with magmatic intrusion, rifting of continental lithosphere >100 km thick is considered improbable under conditions found on Earth (Bialas et al. 2010) .
To explore this disparity we calculated lithospheric yield strength envelopes for several different representative compositions of the Lake Tanganyika rift segment crust and mantle. Stresses were modelled as arising from lateral gradients in the gravitational potential associated with the uplift of the East African Plateau. For a suite of reasonable compositions, the calculated stresses and rheologies are incapable of producing the observed deformation. In particular, brittle failure of the lower crust requires stresses at least eight times those that we calculated. Since brittle failure is indeed occurring in the lower crust our understanding of the geodynamics of this system clearly needs revising. We expect that some of this disparity may be accounted for by considering bending stresses and dynamic feedbacks between brittle and elastic deformation, and between faulting, topography and weathering. These dynamic effects are not considered in the static yield strength envelopes but could be incorporated into more advanced dynamic models.
The East African Rift is the best exposed and probably best studied continental rift on Earth. The fact that current models cannot explain the observed deformation there shows that significant work still needs to be done on understanding the dynamics of rifting. We have determined that extension along portions of the western rift branch may be occurring amagmatically throughout the lithosphere and that our current understanding of stress levels cannot explain lower crustal earthquakes there. We therefore consider it an important challenge for future geodynamic models to explain the observed deformation.
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